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Abstract

Paleoceanographic evidence points to the Southern Ocean as a strong sink for atmospheric CO2 during the Last

Glacial Maximum (LGM), but no consensus about the responsible mechanism has yet been reached. Martin

(Paleoceanography 5 (1990) 1) postulated that greater iron input during the LGM could have stimulated phytoplankton

to consume the surface nutrients in the Southern Ocean, increasing carbon export substantially. We use a simple

ecological model to elucidate the extent to which iron availability affects export production in the southwest Pacific

sector. The model includes the effect of iron in a semi-explicit way. Based on the physiological response of the

photosynthetic apparatus, the simulated phytoplankton growth rates are explicitly dependent on iron. The cycling of

iron in the food web is not tracked, since uncertainties persist about the dynamics of iron uptake, transformation and

release processes within the pelagic community. A simulation of the present ocean that uses the semi-explicit approach

to include iron is compared with a simulation that accounts for iron only implicitly by using model parameters that are

typical for low iron conditions. The simulations agree within the range of available observations. Glacial scenarios are

simulated (assuming an increase in iron supply) and compared to the modern ocean simulation. Primary and export

production increase in the glacial simulations, in particular if we assume an adaptation of the Si:N cell quota of diatoms

to the higher iron levels. In this case the export doubles north of the Polar Front and in the Seasonal Ice Zone.

r 2002 Elsevier Science Ltd. All rights reserved.

1. Introduction

Given the rise of atmospheric CO2 levels and the
prospect of global warming, understanding and
predicting the ocean’s role in global carbon cycling
are probably the most pressing and challenging
tasks in oceanography today. The oceanic carbon

cycle is key to explaining large and geologically
rapid changes on atmospheric CO2 concentra-
tions, since the reservoir of inorganic carbon in the
ocean is about 60 times larger than in the
atmosphere (Broecker, 1982). Any model predic-
tion of future changes in oceanic carbon seques-
tration has to rely largely on practically untestable
assumptions, leading to considerable uncertainty
in model forecasts. To test our predictive capabil-
ities, numerous studies have focused on explaining
climate changes in the geological past, in particular
during the Last Glacial Maximum (LGM)
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(B20; 000 years ago; Bard et al., 1990). The LGM
was characterized by substantially reduced atmo-
spheric CO2 concentrations (Monnin et al., 2001;
Petit et al., 1999). A variety of paleoceanographic
proxies allow a verification of suggested explana-
tions for the change in atmospheric CO2 and
climate, at least to some degree.
Martin (1990) postulated that oceanic produc-

tivity in high nutrient, low chlorophyll (HNLC)
regions such as the Southern Ocean is presently
limited by iron deficiency and that this iron
deficiency was relieved during glacial periods due
to significantly increased aeolian iron deposition.
Paleoceanographic proxies from ice cores (Petit
et al., 1999, 1990) and sediment records (Kumar
et al., 1995) indicate that dust deposition and iron
fluxes to the sediments were higher during glacial
periods. Martin (1990) further postulated that the
increased iron supply enabled phytoplankton to
consume nearly all of the upwelled nutrients in
Southern Ocean surface waters, which presently
persist at relatively high levels, and that the
corresponding increase in carbon export could
explain the low atmospheric CO2 levels during that
period. The idea of increased export production
due to higher iron availability is supported by
sediment records, which indicate higher fluxes of
organic matter to the sediments during the LGM
(Anderson et al., 1998; Kumar et al., 1995).
Biogeochemical models suggest that a complete
drawdown of Southern Ocean surface nutrients
could affect the partitioning of carbon between the
ocean and the atmosphere sufficiently to cause the
lower atmospheric CO2 levels observed during
glacial periods (Popova et al., 2000; Sarmiento and
Orr, 1991; Knox and McElroy, 1984). These model
results represent an upper limit for the possible
productivity increase during glacial periods.
In situ iron-enrichment experiments (Boyd et al.,

2000; de Baar et al., 1995) and bottle incubations
(Franck et al., 2000; Takeda, 1998; Scharek et al.,
1997) consistently show an increase in primary
production, phytoplankton biomass and nutrient
uptake after iron addition in the Southern Ocean.
Although all these results support the importance
of iron in regulating primary productivity, they do
not imply that iron is the ultimate control. An
extrapolation from the local and short-time

experiments to the scale of the ecosystem and
geological time scales is problematic. In the
Southern Ocean, it is plausible that other controls
of productivity come into play if iron limitation is
relieved and, so far, a complete drawdown of
surface nutrients is not supported by observational
evidence. None of the iron addition experiments
showed a complete drawdown of macronutrients,
but experimental artifacts cannot be excluded;
bottle effects occur in incubation experiments and
iron-enriched patches are diluted during in situ
enrichments.
Most modeling studies point to a significantly

increased carbon sink in the Southern Ocean
during the LGM, but consensus about the
responsible mechanism has not yet been reached.
Theories involve either a strong increase in
productivity in the Southern Ocean connected
with increased export of carbon due to higher
supply rates of iron (Popova et al., 2000; Lef"evre
and Watson, 1999; Sarmiento and Orr, 1991;
Martin, 1990; Knox and McElroy, 1984); changes
in the ocean’s alkalinity (Archer and Maier-
Reimer, 1994); or a reduction of carbon exchange
between the ocean and the atmosphere due to
increased stratification or extended ice cover in the
Southern Ocean with only moderately increased or
even reduced levels of productivity (Elderfield and
Rickaby, 2000; Sigman and Boyle, 2000; Stephens
and Keeling, 2000; Toggweiler, 1999; Sarmiento
et al., 1998; Fran-cois et al., 1997).
To elucidate the extent to which iron availability

affects the drawdown of nutrients and export
production, we use a simple ecological model that
includes the effect of iron on phytoplankton
growth rates based on the known physiological
response. Simulations of the modern and glacial
Southern Ocean are performed. Applied to the
modern Southern Ocean, the model captures
important features of the biological system and
resolves the biogeochemical differences between
the regions north of the Polar Front (PF) and the
Seasonal Ice Zone in good agreement with
observations. To test how strongly the biologically
mediated carbon export is controlled by the
availability of iron, we perform simulations with
increased iron supply, but leave the physical model
component unaltered.

K. Fennel et al. / Deep-Sea Research II 50 (2003) 833–851834



The paper is organized as follows. In Section 2
we briefly summarize some ecological and biogeo-
chemical aspects of iron cycling in the ocean and
introduce approaches to model the effect of iron in
ecological models. Our model concept, set up and
our parameterization of the effect of iron are
described in Section 3 in Section 4 the simulated
course of dissolved iron in the present ocean is
compared with observations. The other biochem-
ical variables are discussed in comparison to a
model simulation that does not include iron
explicitly (described in Fennel et al., 2003). In
Section 5 we describe the simulations of glacial
scenarios and discuss the results in relation to the
modern ocean. A summary and conclusions are
given in Section 6.

2. Iron regulation of phytoplankton growth

2.1. Regulation versus limitation—a remark

In the recent literature, iron is often described as
limiting nutrient for phytoplankton growth in the
Southern Ocean (usually in reference to iron-
enrichment experiments) without clearly defining
limitation. This is imprecise and unfortunate, in
particular since Cullen (1991) pointed out early in
the debate about the importance of iron that
precision is essential when discussing hypotheses.
To describe limitation, two concepts are common.
According to Liebig (1855), the limiting nutrient is
the one that determines total crop yield, or in other
words, is the nutrient in shortest supply relative to
need. In contrast, a factor is rate-limiting if it
depresses the actual growth rate.
Iron-enrichment experiments test if phytoplank-

ton growth is rate-limited by iron availability. In
the oceanic environment, the phytoplankton
growth rate, however, is rarely limited by only
one factor. Although one factor might have a
profound influence on primary productivity and
ultimate nutrient utilization, the interaction of
many factors determines how the system works
(Cullen, 1991). For the Southern Ocean it has been
pointed out that light and grazing are important
controls of the phytoplankton growth rate besides
iron (Mitchell et al., 1991; Nelson and Smith,

1991; Frost, 1991), and it is not clear which factor
ultimately determines primary and export produc-
tion.
In this paper we attempt to be specific and avoid

the term ‘‘iron limitation’’. Instead, we will
consider iron or any other factor as regulation of
phytoplankton growth if its variation changes the
phytoplankton growth rate. For example, for a
Michaelis–Menten type response of the growth
rate, regulation occurs in the linear slope area of
the parameterization.

2.2. Ecological aspects of iron cycling

The micronutrient iron is essential for phyto-
plankton growth and is found primarily in the
catalytic centers of enzymes. These iron-containing
proteins play an important role in photosynthetic
and respiratory electron transfer processes and are
directly involved in nitrate reduction and chlor-
ophyll synthesis (Raven, 1988). The most notable
symptom of iron deficiency in phytoplankton is a
reduction in photosynthetic pigment content, also
termed chlorosis, and a decrease in photosynthetic
efficiency (Geider and La Roche, 1994; Greene
et al., 1991, 1992). Greene et al. (1991) describe the
physiological responses of the photosynthetical
apparatus to iron deficiency in a marine diatom.
They found a decrease in Chl:C ratios and a
decrease in chl-specific light-saturated photosynth-
esis PB

max; resulting mainly from a reduction of the
photosystem II reaction center protein, and
suggest an increase of the fraction of non-
functional reaction centers under iron-depleted
conditions.
The cycling of iron in the ocean is comparable to

the dynamics of macronutrients in some vital
respects. Profiles of dissolved iron concentrations
are similar to the distribution of nitrogen and
phosphorus (Johnson et al., 1997). Concentrations
are low at the surface due to depletion by
biological uptake and increase with depth due to
remineralization in the subsurface and deep ocean.
Also the recycling of iron within the pelagic food
web displays similarities to that of macronutrients,
with excretion of dissolved forms of iron by
grazers and rapid utilization of this recycled iron
by phytoplankton (Hutchins et al., 1995, 1993).
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There are important qualitative differences in
biogeochemical cycling of iron compared to
nitrogen, phosphorus and silica. The major frac-
tion of dissolved iron in surface waters is bound to
organic ligands that apparently increase iron
availability (Rue and Bruland, 1995; Wu and
Luther, 1995; Gledhill and van den Berg, 1995).
Different phytoplankton groups use different
mechanisms to access the organically bound iron
(Hutchins et al., 1999), but the nature of this
uptake is not yet well known. Photochemical
reduction of colloidal iron has been suggested as
another important process to make iron bioavail-
able (Barbeau et al., 2001). It is thought that the
concentration of dissolved organic matter sets an
upper limit for the dissolved iron concentrations,
while free iron is scavenged and quickly removed
from the system (Johnson et al., 1997; Sunda,
1997). Hence there appears to be a true interaction
between dissolved iron and biota where the biota
determine the availability of iron through the
production of iron-binding ligands and the growth
of biota in turn is determined by iron availability
(Geider, 1999; Sunda, 1997).
Furthermore, the Fe:C ratio of phytoplankton is

extremely flexible compared to the relatively
constant elemental composition in macronutrients.
Sunda and Huntsman (1995) found variations in
intracellular Fe:C ratios of one order of magnitude
for cultures of oceanic diatoms at different
ambient iron concentrations. Also Fe:C ratios
determined from the slope of dissolved iron
concentration versus apparent oxygen utilization
(AOU) for different oceanic regions vary for
different ambient iron concentrations. Small
Fe:C ratios of B2 mmol:mol are estimated in the
HNLC regions equatorial Pacific and Southern
Ocean (consistent with the observation that iron
availability is low in these regions), while values
between 7 and 13 mmol:mol are found for the
North Atlantic (Sunda, 1997).
During the last decade, much progress has been

made in understanding biogeochemical and phy-
siological aspects of iron cycling in the ocean, but
many components are still poorly understood.
Uncertainties persist about the supply rates of iron
from the atmosphere and the deep ocean (Fung
et al., 2000), the chemical speciation of iron, and

which of the chemical species are biologically
available (Measures and Vink, 2001; Wells et al.,
1995). Also, the dynamics of iron uptake, trans-
formation and release processes within the pelagic
community are still poorly constrained (Hutchins
et al., 1999; Geider, 1999; Schmidt et al., 1999).

2.3. Concepts of including iron in ecological models

Models that include an effect of iron availability
on biogeochemistry have been developed by
Moore et al. (2002a,b) for a global domain; by
Christian et al. (2002a,b); Chai et al. (2000);
Leonard et al. (1999) and Loukos et al. (1997)
for the equatorial Pacific; by Denman and Pe *na
(1999) for the subarctic Pacific; and by Hense et al.
(2000) and Lancelot et al. (2000) for the Southern
Ocean. There are two general approaches to model
the biological effect of iron, although the details of
the actual parameterization vary in these models.
In the first approach (Chai et al., 2000; Hense et al.,
2000; Denman and Pe *na, 1999) the phytoplankton
growth parameters are changed as a proxy for iron
regulation, while no explicit iron response is
included. In this case the iron dynamics within
the biological system and the supply rates of iron
are ignored. This approach can be seen as a
sensitivity test of the model to variations in
phytoplankton growth parameters.
The other general approach (Christian et al.,

2002a,b; Lancelot et al., 2000; Moore et al.,
2002a,b; Leonard et al., 1999) includes iron
explicitly as a state variable and tracks the cycling
of iron through the biological system similar to
nitrogen and other macronutrients. In these
models, a Michaelis–Menten uptake response is
used to determine the effect of iron availability on
the growth rate. The rate-limiting nutrient is
chosen as the one in shortest supply relative to
need. The similar treatment of iron and nitrogen in
these models implies a tight coupling between the
elemental cycles of these nutrients.

3. The model

The physical/biological model used in this study
is based on the description in Fennel et al. (2003).
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The biological model component contains eight
state variables: two phytoplankton groups, dia-
toms dia and other small phytoplankton phy; one
group of zooplankton zoo; three inorganic nutrient
pools, dissolved inorganic nitrogen din, silicic acid
sia and dissolved iron fe; and two detrital pools,
detrital nitrogen detN and detrital silicate detSi:
The elemental cycles of nitrogen and silica are
included, while the elemental cycling of iron is not
fully tracked. Diatoms are treated as a separate
phytoplankton group and the ‘‘silica pump’’, an
efficient mechanism for the removal of silica from
the euphotic zone (Dugdale et al., 1995), is
resolved by considering the detrital fractions of
nitrogen and silica as separate pools. The phyto-
plankton growth parameterizations include a
physiologically based response to changes in iron
supply (described in Section 3). The zooplankton
group represents microzooplankton that grazes
only on the small phytoplankton and provides
‘‘top-down’’ control on the small phytoplankton—
an important feature of the biological system in
that region.
This model is coupled to a one-dimensional

physical model and applied to three stations in the
southwest Pacific sector of the Southern Ocean,
along 1701W: One model station at 561S lies north
of the PF, one station at 611S is located in the
vicinity of the PF, and the southernmost station at
641S represents the Seasonal Ice Zone (SIZ). The
physical model component simulates the vertical
mixing of the state variables and the evolution of
the mixed-layer depth in response to surface fluxes
of heat and momentum following the parameter-
ization of Price et al. (1986). The model is set up
on a uniform grid covering the upper 400 m of the
water column with a 5 m resolution and forced
with daily values of wind stress and surface heat
fluxes from the NCEP re-analysis data set. A
detailed description is given in Fennel et al.
(2003).
From our present knowledge of iron chemistry

in seawater and the availability of iron to
phytoplankton, it is evident that the elemental
cycling of iron is intricate and qualitatively
different from the cycling of macronutrients.
Microbial activity modifies ocean chemistry by
producing iron-binding ligands, and the organi-

cally bound iron in turn affects the ability of the
ocean to support the microbial community (Gei-
der, 1999; Sunda, 1997; Wells et al., 1995). The
remineralization of iron and nitrogen in the food
web is qualitatively similar, but appears to be a
differential process (Hutchins et al., 1993). Macro-
nutrients can be represented in a plausible way in
biogeochemical models that neglect dissolved
organic matter, but microbial physiology and the
dynamics of dissolved organic matter seem to be
key to understanding the cycling of iron (Geider,
1999).
Given this, we refrain from including the full

cycle of iron in the biological system. Our
approach is intermediate between the two pre-
sently common ways to model iron (described in
Section 2.3). We represent the effect of iron based
on the observed physiological response as a
modulation of the phytoplankton growth rate,
which goes beyond the use of a low phytoplankton
growth rate as a proxy for iron-stress. The cycling
of iron within the food web is included in a semi-
explicit way in our model, where iron is taken up
proportionally to the uptake of nitrogen, but not
tracked further through the biological system.
Instead, a weak restoration to the iron initial
concentration provides a continuous resupply
during the growing period, qualitatively represent-
ing the recycling within the food web, and
replenishes iron during the non-growing period.
This treatment of iron is combined with an
ecological model that was developed for the
southwest Pacific sector of the Southern Ocean
(Fennel et al., 2003). In Fennel et al. (2003), iron is
taken into account implicitly by choosing typical
growth parameters and a typical Si:N stoichiome-
try for the diatoms. Here we include an explicit
iron control of phytoplankton growth, based on
the known physiological response of phytoplank-
ton to iron deficiency.
In Fennel et al. (2003) we employed the

following parameterization for the growth rate of
diatoms

mdiaðE; sia; dinÞ ¼ mmaxdia ð1� expð�%aEÞÞ

�min
sia

kSi þ sia
;

din

kN þ din

� �
: ð1Þ
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The response of the growth rate to the inorganic
nutrient concentrations is assumed to follow
Michaelis–Menten kinetics while the nutrient in
shortest supply is actually regulating the growth
rate. The light dependence of photosynthesis is
based on the P versus E curve given in Cullen
(1990).
Here we modify the parameterization (1) to

include the main physiological response of phyto-
plankton to iron deficiency, that is, the reduction
of the efficiency of their photosynthetic apparatus
(Geider and La Roche, 1994; Greene et al., 1991,
1992). Greene et al. (1991) report a 3-fold decrease
in Chl:C ratios, a 2-fold reduction of the chl-
specific light-saturated photosynthesis PB

max; and a
1.3-fold increase in the chl-specific initial slope of
the PE-curve aB between iron-replete and iron-
deficient diatom cells. The slight increase in aB can
be attributed to the overall reduction of light-
harvesting pigments which reduces the ‘‘package’’
effect (Greene et al., 1991; Berner et al., 1989) and
is ignored for our purpose. Since our model
considers biomass in units of nitrogen and does
not track a dynamic Chl:C ratio, we have to
translate the chl-specific effects reported by Greene
et al. (1991) into nitrogen units of biomass. The
chl-specific PB

max is implicitly contained in the
biomass-specific maximum growth rate mmaxdia and
in the light parameter %a; which corresponds to the
ratio of aB and PB

max: We assume that an iron-
dependent PB

max should qualitatively show a
Michaelis–Menten type response, with a slope
range, where the photosynthetic efficiency in-
creases proportional with iron supply, and a
saturation region. These assumptions yield

mdiaðE; sia; din; feÞ

¼ mmaxdia

fe

kFe þ fe
1� exp �

%aE

fe
ðkFe þ feÞ

� �� �

?min
sia

kSi þ sia
;

din

kN þ din

� �
: ð2Þ

The new parameter kFe represents a half-satura-
tion concentration for iron and is set to
0:2 mmol m�3: This value was estimated by Price
et al. (1994) for the subtropical Pacific and is used
in the models of Moore et al. (2002a,b) and
Lef"evre and Watson (1999). The parameters mmaxdia

and %a need to be redefined in (2) for formulations
(1) and (2) to be consistent. We define the two
parameters such that the parameterization (2)
yields the same rates as (1) for typical iron
concentrations in the present southwest Pacific
sector of the Southern Ocean. For an average iron
concentration of 0:15 mmol m�3 during the
AESOPS cruises (Measures and Vink, 2001) and
kFe ¼ 0:2 mmol m�3 this constraint yields mmaxdia ¼
1:63 d�1 and %a ¼ 0:13 ðW m�2Þ�1: These para-
meter choices imply that for an increased iron
concentration during glacial periods, e.g.
2:5 mmol m�3; the growth rate would double. A
doubling of the growth rate is a reasonable
assumption (Popova et al., 2000; Banse,
1991,1996) and is in agreement with the results
of incubation experiments performed during the
AESOPS study by Valerie Franck (personal
communication), who found a doubling of the
silica uptake rates after addition of
2:5 mmol Fe m�3:

4. Simulating the present ocean

We performed a simulation for the period of the
AESOPS field study. In this section we discuss the
simulated iron distributions in comparison with
iron concentrations measured during AESOPS.
We also compare the simulated behavior of the
other biochemical variables to the simulation that
does not include iron explicitly (discussed in detail
in Fennel et al., 2003).

4.1. Cycling of iron in the water column

In the contemporary Southern Ocean, deep
mixing during winter and upwelling of iron-rich
sub-surface waters are the main sources of
dissolved iron in surface water. Aeolian deposition
plays only a minor role (Fung et al., 2000; Lef"evre
and Watson, 1999). Locally, significant amounts
of iron can be added during ice melt, e.g., in the
Ross Sea (Sedwick and DiTullio, 1997; Sedwick
et al., 1996), but in the southwest Pacific sector this
input is negligible (Measures and Vink, 2001).
Observed concentrations of dissolved iron in the
southwest Pacific sector of the Southern Ocean are
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generally below 0:5 mmol m�3: Within the small
range of 0–0:5 mmol m�3; the values exhibit strong
spatial and temporal variations, mainly attributed
to the high physical variability in the region
(Measures and Vink, 2001).
Unfortunately, dissolved inorganic iron concen-

trations depend on the analytical approach used
for its determination. This adds to the persisting
uncertainty about which chemical forms of iron
are present in seawater and which are biologically
available. During the AESOPS study, values
determined by shipboard flow injection analysis
as described in Measures et al. (1995) were
significantly higher in the upper 300–400 m of
the water column than the values in replicate
samples determined by atomic absorption spectro-
photometry after preconcentration by chelation-
solvent extraction after Johnson et al. (1997).
Below 400 m water depth, the values agree well for
both methods. The differences are attributed to
different sensitivities of the methods to the organic
fractions of iron (Measures and Vink, 2001). We
base our data comparisons on the values deter-
mined by Measures and co-workers, since their
values probably include a portion of organically
complexed iron that is potentially available to
phytoplankton but not determined by the solvent
extraction method.
During AESOPS the surface concentrations of

dissolved iron range between 0.075 and
0:34 mmol m�3 (Measures and Vink, 2001), in
agreement with other measurements in open
waters of the Pacific sector (Sedwick et al., 1997;
de Baar et al., 1999). Variations in dissolved iron
concentrations are most pronounced in the vicinity
of the PF, where the highest average mixed layer
concentrations of iron are found and the strongest
seasonal depletion occurs (Measures and Vink,
2001). Iron concentrations below 200 m depth are
stable between 0.25 and 0:3 mmol m�3: The surface
concentrations decrease over the course of the
growing season due to biological uptake and the
lowest values are reached in late summer. Pre-
season values display a north to south gradient,
with concentrations increasing from
B0:2 mmol m�3 in the PFZ to B0:35 mmol m�3

in the SIZ. In summer this general pattern is
reversed with surface concentrations decreasing

from 0.2 to 0:3 mmol m�3 in the PFZ to
o0:15 mmol m�3 in the Ross Sea. The PF is an
exception and displays the widest range of values
from o0:15 to > 0:3 mmol m�3:
The initial iron concentrations for the model

simulation are set to 0:25 mmol m�3; 0:3 mmol m�3

and 0:35 mmol m�3 for the stations at 561; 611 and
641S, respectively. These values are pre-spring
estimates and based on maximum dissolved iron
concentrations found at 250 m depth. Iron is taken
up proportionally to the uptake of nitrogen by
diatoms and small phytoplankton, and is resup-
plied by a weak restoration of the iron concentra-
tions to the initial conditions. A comparison of the
simulated iron profiles with the available iron data
is shown in Figs. 1–3. At 611S the simulated
concentrations below 150 m water depth remain
stable at the initial concentration of 0:3 mmol m�3

(Fig. 1). Surface concentrations are reduced by
biological uptake to a minimum of 0:18 mmol m�3

in mid December at this station. The correspond-
ing data vary, but the simulated and observed
magnitudes and the seasonal decrease in surface
concentrations agree. Fewer data profiles are
available for the northern station at 561S; but the
simulated and observed values in February/March
agree (Fig. 2). At 641S the strongest iron depletion
occurs (Fig. 3). The subsurface concentrations of
0:35 mmol m�3 are higher than at the other
stations and the minimum concentration of
0:13 mmol m�3 occurs in mid-January. The resup-
ply of iron by restoring its concentration
weakly to the initial values yields inputs of
B0:001 mmol Fe m�3 d�1 during the growing
season at all stations. A maximum restoration flux
of 0:002 mmol Fe m�3 d�1 occurs at station 641S
during January.

4.2. The other biochemical variables

The simulated course of the other biochemical
variables is very similar to the simulation without
explicit inclusion of iron. A detailed data compar-
ison of the model results without explicit iron is
given in Fennel et al. (2003) and shows that
essential features of the biological system in the
PFZ, in the vicinity of the PF, and in the SIZ are
captured, including the seasonal patterns of
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dissolved inorganic nitrogen and silicic acid,
biogenic silica, primary production, and vertical
particle flux.
A notable difference between the two simula-

tions is found only for the variables that are
connected with the silica cycle, namely silicic acid
and diatoms. The results for dissolved inorganic
nitrogen, small phytoplankton and zooplankton
do not change noticeably. A comparison of the
simulated course of silicic acid and biogenic silica
in both simulations is shown in Fig. 4. The major
difference is a time shift in the drawdown of silicic
acid and correspondingly in the maximum of
biogenic silica, which occurs earlier in the current
simulation. The maximum concentrations of bio-
genic silica are higher than in the version without
explicit iron (by up to 5 mmol Si m�3 at 641S), but
the changes lie within the range of the observed
values. Also, the simulated annual primary pro-
ductivity and the vertical export flux increase
slightly, but lie within the uncertainty of the data.

The agreement between the two model versions
shows that the inclusion of iron has been done
consistently with the former version and supports
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Fig. 2. Simulated (solid and dashed lines) and observed

(diamonds and filled dots) dissolved iron concentrations at

561S:
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Fig. 1. Simulated (solid and dashed lines) and observed (diamonds and filled dots) dissolved iron concentrations at 611S: The dissolved
iron measurements by Christopher Measures and co-workers are used.
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the idea that an implicit treatment of the iron
effect can describe the present situation in the
Southern Ocean reasonably within the range of
variation in the observations.

5. Glacial scenarios

5.1. Motivation and assumptions

During the LGM, the physical and biochemical
environment in the Southern Ocean was different
than today. Differences in physical features
include increased wind speeds, colder sea-surface
and atmospheric temperatures, greatly expanded
winter sea-ice cover, increased stratification due to
increased meltwater input and increased deposi-
tion of atmospheric dust (Moore et al., 2000).
Uncertainty persists about the consequences of
these changes for the carbon cycle and which
feature in particular is important for the lowered
atmospheric CO2 levels during the LGM

(B80 ppm lower than pre-industrial levels of
B280 ppm). In the ongoing debate, explanations
range from purely physically induced changes,
due to increased ice cover along with reduced
productivity, to theories that suggest a significant
contribution from biologically induced carbon
export (Stephens and Keeling, 2000; Elderfield
and Rickaby, 2000; Sigman and Boyle, 2000;
Moore et al., 2000; Popova et al., 2000;
Lef"evre and Watson, 1999). An earlier model
study has shown that the biological export to be
expected for a complete drawdown of surface
phosphate could theoretically cause the glacial
drawdown of CO2 (Sarmiento and Orr, 1991),
but more realistic assumptions about the
productivity increase in recent box model studies
indicate a smaller effect of the biology in
response to the higher iron supply between 10
and 30 ppm (Popova et al., 2000; Lef"evre and
Watson, 1999).
To investigate the role of iron in changing

primary and export production, we apply our
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ecological model, which includes the major con-
trols of the present biological system in the
Southern Ocean, to glacial iron conditions. Our
glacial scenario is unrealistic with respect to the

physical conditions, which we do not alter, since
colder temperatures and increased stratification
may have had ecological consequences. Further-
more, we assume no substantial changes in the
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supply of the macronutrients nor in the ecological
structure of the system.

5.2. Simulations

We performed three simulations of glacial
scenarios. Since iron supply by atmospheric dust
deposition was higher during glacial periods—
sediment and ice-core records suggest an increase
by a factor of 15–50 (Petit et al., 1999; Kumar
et al., 1995)—we have increased the initial iron
concentration by an order of magnitude to
3 mmol m�3 in these simulations. This is an
optimistic assumption considering that modern
concentrations of dissolved iron in the deep ocean
are about 0:6 mmol m�3 (Johnson et al., 1997).
In the first glacial simulation we do not adjust

the functioning of the ecosystem and employ the
same parameter set as for the modern ocean. It is,
however, reasonable to assume some adaptation of
phytoplankton to the increased iron levels; in
particular the Si:N ratio of the diatoms and the
Fe:C ratio of both phytoplankton groups were
probably different.
In the second and third glacial scenario we

expore how changes in the Si:N and Fe:C ratios
affect the system. The Si:N ratio of 4 in our
modern simulation is reduced to 2 in the second
and third glacial simulation. The heavy silicifica-
tion of the diatoms and the high Si:N disappear-
ance ratios observed in the contemporary
Southern Ocean are thought to be due to iron
stress. Cultured diatoms increase their Si:N
stoichiometry by a factor of 2 to 3 under iron-
depleted conditions (Takeda, 1998; Hutchins and
Bruland, 1998).
In the third scenario, we also adjust the Fe:C

ratio of both phytoplankton groups. While the
C:N:P ratio of marine phytoplankton is relatively
constant (Redfield et al., 1963), the Fe:C ratio is
known to be flexible and adapts to the ambient
iron levels (Sunda, 1997). Sunda and Huntsman
(1995) showed that the cellular Fe:C ratio in
cultured oceanic diatoms varies from 2.5 to
34 mmol:mol for different iron concentrations.
Fe:C ratios of particulate organic matter, esti-
mated from profiles of dissolved iron concentra-
tion and apparent oxygen utilization (AOU),

range between 7 and 13 mmol:mol for the North
Atlantic and B2 in the Southern Ocean and
equatorial Pacific, both characterized by low iron
levels (Sunda, 1997). To explore the effect of a
different Fe:C stoichiometry, we increased the
Fe:C ratio for both phytoplankton groups from
2 mmol:mol in the previous simulations to
5 mmol:mol in the third simulation (based on
Johnson et al., 1997).
In the second and third simulations—both run

with the same Si:N ratio of 2 and differing only in
their Fe:C stoichiometry—the course of the
macronutrients and of the plankton variables does
not change noticeably. The surface iron concen-
trations differ slightly; minimum surface iron
concentrations are about 0:1 mmol m�3 lower for
a Fe:C ratio of 5 than for a Fe:C ratio of 2. These
slight variations in iron concentrations do not
affect the phytoplankton growth rates or the other
biochemical variables. We therefore restrict the
following comparison to the simulations of the
modern ocean and the two glacial scenarios that
only differ in the Si:N stoichiometry of the
diatoms.
The simulated course of the surface macronu-

trients in the present ocean is shown in comparison
with the glacial scenarios in Fig. 5. The drawdown
of dissolved inorganic nitrogen is stronger in the
glacial simulations compared to the present ocean
and is more pronounced if we assume adaptation
of the Si:N ratio of the diatoms. Also the uptake of
silicic acid is stronger in the glacial simulations,
but more pronounced in the simulation which
assumes the higher Si:N stoichiometry (represent-
ing heavily silicified diatoms). At 611S and 641S;
silicic acid is depleted in both glacial simulations,
while the magnitude of nitrogen consumption at
these stations is strongly affected by the different
assumptions about the Si:N stoichiometry.
At 561S the drawdown of inorganic nutrients

increases in the glacial simulations, but the
nutrients are not depleted completely and the
drawdown is slow. This implies that the light/
mixing regime plays an important role in control-
ling productivity in all simulations at this station.
At 611S and 641S; silicic acid ultimately limits
phytoplankton production. The magnitude of the
seasonal silicic acid consumption is determined by
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the pre-season concentration. Dissolved inorganic
nitrogen is always replete.
The simulated diatom biomass is higher in the

glacial scenarios than in the modern ocean (Fig. 6).
The highest standing stocks are reached if the Si:N

stoichiometry is assumed to adapt. At 611S and
641S; the maximum diatom biomass is 2.2 and
4:3 mmol Nm�3 for the modified Si:N ratio, that
is about twice the maximum concentrations of 1.0
and 2:0 mmol Nm�3 if diatoms use the surface
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silica less efficiently in the case without adaptation.
At the southernmost station, the maximum diatom
biomass does not change significantly between the
modern and glacial scenario if the same Si:N ratio

is used. The indirect effect of the increased iron
levels (reduction of the Si:N stoichiometry of
diatoms) is larger than the direct effect on the
growth rate.
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The biomass of small phytoplankton does not
change in the glacial scenarios compared to the
modern ocean, but standing stocks of their
zooplankton grazers are higher. Zooplankton are
grazing efficiently on the small phytoplankton,
hence an increase of the phytoplankton growth

rate is reflected in higher zooplankton biomass
while small phytoplankton do not accumulate at
higher levels.
The daily vertical particle fluxes of detrital silica

and detrital nitrogen at 400 m depth are compared
in Fig. 7. A considerable increase in the glacial
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silica fluxes is found only at 561 and 611S: At 641S
the fluxes do not increase significantly if the Si:N
ratio of the diatoms is reduced. The vertical fluxes
of detrital nitrogen, which are representative for
the vertical flux of biogenic carbon (if we assume a
constant C:N stoichiometry) increase at all sta-
tions in both glacial simulations. Higher vertical
nitrogen flux occurs for a reduced Si:N ratio of the
diatoms, further supporting the idea that a change
in the Si:N stoichiometry of the diatoms allows a
more efficient export of nitrogen relative to silicate
export.
The annual vertical particle fluxes and the

annual uptake of dissolved inorganic nitrogen
and silicic acid for the modern and the two glacial
simulations are given in Table 1. In the glacial
simulation that uses the reduced Si:N cell quota
for diatoms the yearly total uptake of dissolved
inorganic nitrogen and silicic acid roughly doubles
at all stations compared to the modern ocean. The
vertical fluxes of particulate nitrogen and silica

increase everywhere in the glacial simulations
relative to the modern ocean.

6. Summary and conclusions

A simple ecological model was used to simulate
the biological system in the Pacific sector of the
Southern Ocean for modern and glacial iron
supply conditions. The model includes the physio-
logical response of phytoplankton to the dissolved
iron availability, namely a decrease in the max-
imum photosynthetic efficiency under iron defi-
ciency, but does not track the cycling of iron
through the food web. Given the present under-
standing of the elemental cycle of iron and the
existing uncertainties, it appears premature to
attempt an explicit model of the cycling of iron
in the biological system. Simplified concepts based
on the qualitative effects of iron on phytoplankton
growth, which are used in different recent model-
ing studies (see Section 2.3) and in this study,
seem, however, appropriate to investigate ques-
tions about the effect of iron on biological carbon
export.
We performed a simulation for the present

ocean. A comparison of the simulated iron
concentrations with observations showed good
agreement in magnitude and the seasonal course.
We compared this simulation with a simulation of
the present Southern Ocean that accounts for iron
only implicitly by choosing typical parameters
(discussed in Fennel et al., 2003). There was no
significant difference between the two simulations
within the given range of the observations,
indicating that an implicit treatment of iron allows
a reasonable description of the biological system in
the present Southern Ocean within the range of
available data.
Glacial scenarios were simulated, where the iron

supply was increased but the physical environment
was not altered. One simulation employs the same
biological parameter set as the present ocean
simulation. Additional simulations used a reduced
Si:N cell quota for diatoms and an increased Fe:C
uptake ratio for small phytoplankton and diatoms,
accounting for an adaptation of phytoplankton to
the higher iron levels. A modification of the Fe:C

Table 1

Simulated vertical particle fluxes at 400 m and total uptake of

dissolved inorganic nitrogen and silica in the euphotic zone

561S 1701W 611S 1701W 641S 1701W

Total DIN uptake ðmol Nm�2 year�1Þ
Modern 1.2 1.7 2.1

Glacial; Si : N ¼ 4 2.3 2.9 3.3

Glacial; Si : N ¼ 2 2.6 3.4 4.0

Total Si uptake ðmol Si m�2 year�1Þ
Modern 0.30 0.80 1.39

Glacial; Si : N ¼ 4 0.64 1.32 2.10

Glacial; Si : N ¼ 2 0.97 2.08 3.07

Simulated flux of detSi ðmol Si m
�2 year�1Þ

Modern 0.27 0.70 1.16

Glacial; Si : N ¼ 4 0.58 1.15 1.72

Glacial; Si : N ¼ 2 0.41 0.86 1.21

Simulated flux of detN ðmol Nm�2 year�1Þ
Modern 0.05 0.07 0.08

Glacial; Si : N ¼ 4 0.09 0.11 0.12

Glacial; Si : N ¼ 2 0.10 0.14 0.15

Si:N ratio of simulated vertical flux (mol:mol)

Modern 6.06 10.65 14.31

Glacial; Si : N ¼ 4 6.43 10.22 14.36

Glacial; Si : N ¼ 2 4.09 6.30 8.27
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ratio had no notable impact on the simulation
results. Iron is at saturated levels in the glacial
scenarios, hence a perturbation of the Fe:C uptake
ratio has no effect. A change in Si:N stoichiometry
of the diatoms has consequences for the export of
carbon.
North of the PF, the annual phytoplankton

production is strongly controlled by the available
light. The concentration of silicic acid at the
surface is reduced to levels where it regulates
diatom production, but silicic acid is not comple-
tely depleted. In this situation the iron-induced
increase in photosynthetic efficiency has a strong
impact on carbon export almost doubling the
annual vertical flux. The carbon export increases
further if a reduction of the Si:N quota of the
diatoms is included (the annual vertical flux
doubles compared to the present ocean).
In the SIZ, silicic acid supply is a main control

on annual phytoplankton production. Presently,
the main productivity event is a short, intense
diatom bloom that is observed to follow the
retreating ice edge and depletes silicic acid
concentrations at the surface (Brzezinski et al.,
2001). In our model simulations, surface silicic
acid is depleted in both glacial scenarios. If the
amount of annually produced organic carbon,
which can potentially be exported from the pelagic
system, is constrained by the pre-spring level of
silicic acid, no substantial increase in carbon
export occurs if nutrients are taken up at a higher
rate but with the same stoichiometric ratio. A
reduction of the Si:N cell quota of the diatoms,
which is a reasonable assumption, significantly
increases the export of biogenic carbon (the annual
vertical flux almost doubles compared to the
present ocean).
Our results are consistent with the ideas of

Moore et al. (2000) about the biological export
during the LGM. North of the PF, they suggested
higher biological carbon export as result of higher
iron supply. For the seasonally ice-covered zone
south of the PF the authors argued that produc-
tivity and carbon export would increase during the
growing season due to higher iron inputs. During
the rest of the year they suggested a reduced out-
gassing of CO2 from the ocean because the extent
of ice cover was probably increased and acted as a

barrier to air–sea gas exchange. The results of our
simulations suggest an additional increase of
biological production in the Seasonal Ice Zone
connected to a change in the diatom Si:N uptake
quota.
The sediment record shows higher biological

production in the Atlantic sector during the LGM
compared to the present ocean and a northward
shift of the high productivity region from its
present position (Anderson et al., 1998; Kumar
et al., 1995). Anderson et al. (1997) found a 5-fold
greater accumulation of organic carbon during the
LGM than today and a decoupling of the
accumulation of biogenic silica and organic
carbon. Consistent with our assumption of a
reduced Si:N quota for diatoms a lower Si:C ratio
was found during the LGM than today. Our
simulations, assuming no changes in the physical
environment and in the supply of macronutrients,
show that an iron-induced stimulation of produc-
tivity can account for a 2-fold increase in organic
carbon export. Changes in ice-cover, circulation,
stratification, and nutrient upwelling would mod-
ify this estimate, in particular an increase in silicic
acid availability would potentially increase carbon
export.
Iron enrichment experiments in the Southern

Ocean have consistently shown that nutrient
uptake, chlorophyll concentration and phyto-
plankton biomass increase during iron enrich-
ments. These results imply that iron is at
regulating levels in the present Southern Ocean
or, in other words, that iron is rate-limiting for
phytoplankton growth. This does not necessarily
imply an increase in carbon export for higher iron
levels on an annual timescale. We have shown that
the nutrient-uptake quota of diatoms and the
supply of silicic acid are important in determining
biological production and export on seasonal
timescales.
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